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ABSTRACT 
 
While the overall understanding of moist convective processes has advanced greatly, the two-way 
interconnections between convection initiation, updraft structure, and subsequent cold pool 
generation are not well understood.  This has become particularly relevant with ongoing efforts to 
introduce cold pool processes in convective parameterization schemes.  Here, the structure of 
supercell updraft width and its connection to attendant cold pool characteristics are examined using 
idealized simulations.  This study finds that, within a supercell storm mode, updraft width is 
strongly dependent on environmental vertical wind shear, dependent on the boundary layer depth 
(as well as corresponding changes to CAPE) of the storm environment, yet relatively insensitive 
to the characteristics of convection initiation mechanisms. 
This study also find that the processes that may lead to the formation of particularly intense 
tornadoes are modulated by updraft width.  Specifically, a simple hypothesis is proposed that 
larger, more intense tornadoes should more readily form from wider rotating updrafts.  This 
hypothesis is tested using idealized simulations, which reveal strong correlations between updraft 
width and low-level vorticity that support this hypothesis.  These simulations are also used to 
explore how quantifications of convective overshoots could help identify storms with the potential 
to form strong tornadoes.  In particular, it is shown that the peak area of an overshooting top 
correlates strongly to the peak area of the mid-level updraft. 
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CHAPTER 1: INTRODUCTION 
 
Updrafts, Downdrafts, and Cold Pools 
The Thunderstorm Project, a field campaign in Florida and Ohio, was the first large-scale effort to 
observe and study thunderstorms (Byers and Braham 1949).  From these observations, a basic 
model of the evolution of single-cell convection was developed, including multiple stages, namely 
growth, mature, and decaying stages.  In ordinary convection, the mature and decaying stages 
involve the formation of precipitation, downdraft, and subsequent cold pool.  Ultimately, these 
stages depend on the characteristics of the updraft that precedes them.   
Early studies sought further to understand updrafts and downdrafts through use of one-
dimensional models (Arakawa and Schubert 1974), but these studies drew criticism from those 
involved in observational research (LeMone and Zipser 1980; Zipser and LeMone 1980) due to 
the lack of observational data to support them.  Using aircraft observations of vertical velocities 
within tropical convective draft cores, LeMone and Zipser (1980) found that updrafts tended to be 
strong and larger than the resulting downdrafts.  They also noted that, compared to the updrafts 
and downdraft measurements during the Thunderstorm Project, tropical drafts were relatively 
weak and small. The draft differences were attributed to differences in convective available 
potential energy (CAPE) in the environments of tropical oceanic versus continental convective 
cloud and storms.  Corroborating the findings of Weisman and Klemp (1982) who found that 
vertical wind shear is necessary for strong, long-lived storms, LeMone (1989) noted that vertical 
wind shear might be a factor in these differences as well, finding that stronger wind shear related 
to larger cumulus congestus cloud diameters. 
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Building on these results, Lucas et al. (1994) used results from several field campaigns to 
examine relationships between updraft and downdraft cores. Their analysis confirmed prior results, 
especially in terms of differences between tropical oceanic and continental drafts.  They proposed 
that the differences seen in the intensities between tropical and continental drafts could be due to 
several factors: 1) distribution of instability, such that continental environments have buoyancy 
concentrated over relatively shallow layers rather than distributed over the depth of the troposphere 
(“fat” versus “skinny” CAPE), the latter being more common in the tropics; 2) entrainment 
differences due to wider updrafts in continental convection, as determined by boundary layer 
depth,; and 3) vertical wind shear (though they noted no discernable effects in their data).  In 
addition to this, Schlemmer and Hohenegger (2014) found that stronger cold pools and resultant 
“moist patches,” or areas of locally enhanced near-surface moisture (Tompkins 2001), related to 
deeper and wider cumulus convection. 
 Boundary depth has been proposed as an influence on the size of moist convective updrafts.  
In the context of convection initiation (CI) by horizontal convective rolls (HCRs), it has been found 
that CI by HCR can only occur if the HCR depth is greater than that of the level of free convection 
(LFC; Weckwerth et al. 2000).  The aspect ratio, which is the ratio of the length scale to the depth, 
of HCRs have been shown to generally lie between 2 and 4 (Weckwerth et al. 1997).  As a result, 
any updrafts that form atop the boundary layer should have a length scale comparable to that of 
the HCR from which it forms.  Indeed, HCRs that successfully generate deep convection are those 
with length scales comparable to that of observed storm updrafts (Balaji and Clark 1988).  
Considering CI through surface solar heating, Williams and Stanfill (2002) theorized that the 
diameter of the resulting updraft was dictated by depth of the boundary layer due to the expansion 
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of the rising thermal, such that a deeper boundary layer would result in more expansion before 
cloud base. 
 As found in prior experiments, storm environmental characteristics also influence the size 
and intensity of updrafts (LeMone 1989, Weisman and Klemp 1982, 1984).  Within a series of 
studies examining the effects of different environmental characteristics on a supercell convective 
mode using idealized models (McCaul and Weisman 2001; McCaul and Cohen 2002; McCaul et 
al. 2005; Kirkpatrick et al. 2006, 2007, 2009), the variables found to have the greatest influence 
on updraft and downdraft size (and intensity) were vertical wind shear, CAPE, and LFC. 
For convective parameterizations used in numerical models, updraft size is generally 
determined by the strength of large-scale ascent (Frank and Cohen 1987; Kain 2004).  This is used 
to calculate the entrainment rate associated with the updraft, such that the entrainment rate varies 
as 1/R, where R is the radius of the updraft.  As the radius of the updraft increases, the effect of 
entrainment, and thus the dilution of buoyancy, is reduced.  This would result in stronger, longer-
lived updrafts and increased severe weather potential, including flooding associated with increased 
precipitation.  With these stronger, larger updrafts, the characteristics of the resultant cold pool 
would also be affected by an increase in precipitation, and therefore, impact the potential of the 
surface cold pool to inhibit or initiate new convection. 
The first part of this study focuses on the relationship between updrafts, downdrafts, and 
cold pools.  Updraft-downdraft relationships for simulated supercells will be examined, and this 
relationship will be compared to the characteristics of the resultant cold pool.  Through a simple 
argument of mass flux, the size of a convective downdraft, and therefore updraft, should relate to 
the depth and areal extent of the resulting cold pool.  These relationships are examined across 
different storms environments.  
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Supercells and Tornadoes 
In early radar observations, groups of storms were found to have a component of motion 
perpendicular to the tropospheric wind, apparently due to the formation of new cells along their 
flanks (Newton and Katz 1958).  Soon after, however, some individual strong storms were found 
to travel perpendicular to the mean wind as well.  These would eventually become known as 
“supercells” (Browning 1964).  Supercells were found to be associated with strong vertical wind 
shear, and because of the longevity and intensity of these storms, they became of particular interest 
to the meteorological community.  The first model of supercell structure came from the study of a 
hailstorm that occurred in the vicinity of London, England (Browning and Ludlam 1962; Browning 
1964).  This conceptual model would be improved by Lemon and Doswell (1979). 
 Further studies examined the effects of environmental characteristic on storm structure and 
convective mode.  Of primary interest were parcel buoyancy and vertical wind shear, both of which 
were thought to impact storm structure significantly.  Indeed, Chisholm and Renick (1972) 
developed composite wind profiles for observations of different storm modes and found that 
supercell environments were generally characterized by strong vertical wind shear and hodograph 
curvature, though additional work indicated that there was significant overlap between these storm 
modes such that multiple storm modes could occur for a given wind profile (Foote 1977).  In 
subsequent studies, these shear profiles were examined within numerical models, finding that they 
replicated these observational findings (Schlesinger 1978; Wilhelmson and Klemp 1978; Klemp 
and Wilhelmson 1978; Weisman and Klemp 1982, 1984).  Weisman and Klemp (1984) noted that, 
based on the length and curvature of a characteristic supercell environment hodograph, the growth 
left or right flanking member of these splitting storms would be promoted; such splitting and 
subsequent “deviant” motion was found to be associated with dynamical forcings due to rotation 
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(Rotunno and Klemp 1982, 1985).  It was also determined that low-level mesocyclonic rotation 
within a supercell results from a tilting of baroclinically generated horizontal vorticity along the 
forward- or rear-flank gust front (Rotunno and Klemp 1985; Davies-Jones and Brooks 1993; 
Brooks et al. 1994). This is different from the mechanism of mid-level mesocyclone formation, 
which involves tilting of environmental horizontal vorticity. 
 In addition to advancements in the understanding of supercell processes, significant strides 
were made in the understanding of the processes controlling tornadogenesis.  Several 
tornadogenesis mechanisms have been proposed, and it is generally agreed upon that not all 
tornadoes form due to the same mechanism (Doswell and Burgess 1993).  In storm environments 
with existing vertical vorticity due, for example, to horizontal wind shear associated with 
mesoscale boundaries, tornadogenesis can occur from a realization of horizontal shearing 
instability (HSI) through growth of a convective updraft overhead (Wakimato and Wilson 1989; 
Wheatley and Trapp 2008).  This mechanism for tornadogenesis is associated with non-
supercellular storm modes, and these tornadoes are generally weaker than those that form within 
supercells. 
The mechanisms for tornadogenesis in supercells are different.  While a low-level 
mesocyclone can form via the mechanisms described above, its existence does not necessarily lead 
to tornadogenesis.  Though many supercells develop this near-surface rotation, perhaps only 25% 
develop tornadoes (Trapp et al. 2005).  Two proposed mechanisms for supercellular 
tornadogenesis have arisen over time.  One mechanism of supercell tornadogenesis requires the 
so-called “dynamic pipe effect,” whereby a tornado forms downward from the storm aloft due to 
descending radial convergence (Leslie 1971; Trapp and Davies-Jones 1997).  Another basic 
mechanism occurs in the opposite direction, such that strong near-surface radial convergence 
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causes rapid intensification of vertical vorticity associated with a low-level mesocyclone, leading 
to the development of a tornado (Rotunno 1986; Rasmussen et al. 1994). 
 Understanding of processes that lead to tornadogenesis have improved greatly through 
these and many other works, but the processes responsible for regulating tornado intensity are not 
well understood.  As such, an ongoing problem for forecasters is the prediction of strong-to-violent 
tornadoes, which cause a disproportionate fraction of the damages and fatalities due to tornadoes. 
A possible clue for how to solve this problem is provided by the historical record, which shows 
that the strongest tornadoes tend to be the widest and also have long damage tracks (Brooks 2004).  
This motivates the following hypothesis explored here: strong, wide tornadoes should form more 
readily from wider rotating updrafts (mesocyclones).  This is based upon a simple application of 
Kelvin’s circulation theorem, 
2𝜋𝜋𝑣𝑣𝑇𝑇𝑟𝑟𝑇𝑇 =  2𝜋𝜋𝑣𝑣𝑀𝑀𝑟𝑟𝑀𝑀 = Γ 
where 𝑣𝑣𝑇𝑇 (𝑣𝑣𝑀𝑀) and 𝑟𝑟𝑇𝑇 (𝑟𝑟𝑀𝑀) are the tangential velocity and radius of the tornado (mesocyclone), 
respectively, and Γ is the circulation.  Note that this is not to say that a large, violent tornado will 
necessarily form from a wider rotating updraft, but simply that wider updrafts have the potential 
to form larger tornadoes.  Simulation results and analyses presented in Chapter 4 will be used to 
address this hypothesis. 
 
Severe Thunderstorms – Satellite Data 
The use of satellite observations of cloud-top features for the identification of severe thunderstorms 
has been developed widely over the past several decades.  Fujita et al. (1973) tried to relate a 
“collapse” of a convective overshoot to tornadogenesis.  More recently, studies have attempted to 
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identify overshooting tops, which are associated with strong updrafts, using cloud top brightness 
temperature variations (Bedka et al. 2010; Bedka 2011). 
 Mills and Astling (1977) first identified a warm spot surrounded by an area of relatively 
cooler cloud top brightness temperature data, a so-called “Enhanced-V” signature.  This signature 
was attributed to horizontal divergence of upper-tropospheric winds around strong updrafts.  
Storms exhibiting this characteristic were found by McCann (1983) to have a nearly 70% 
probability of producing severe weather.  Further study suggested that this signature was 
associated with entrainment due to subsidence of cloud air downshear of a convective overshoot, 
caused by two potential mechanisms: 1) negatively buoyant overshooting cloud air or 2) counter-
rotating vortices associated with wind shear at cloud top (Heymsfield 1978; Simpson 1983; Adler 
et al. 1981; Negri 1982; Heymsfield et al. 1983a; Adler and Mack 1986; Heymsfield and Blackmer 
1988). 
 Satellite-measured cloud top brightness temperature has also been used to quantify changes 
in minimum cloud top temperature as well as anvil growth rates, both of which have been shown 
to be associated with strong updrafts and severe convection (Adler and Fenn 1979a, 1979b; 
Anderson 1982; Adler et al. 1985).  These quantifications, however, have shown to be effective 
only in areas with no existing anvils, and thus have limitations in areas with widespread or long-
lived convection.  More generally, overshooting tops have also been found to be associated with 
severe weather.  Using radar and satellite data, Negri and Adler (1981) found that the minimum 
brightness temperature at cloud top could be used to estimate the maximum updraft vertical 
velocity, which could be linked to precipitation rates within storms.  The existence of overshooting 
tops has been correlated with not only heavy precipitation, but severe winds (Heymsfield et al. 
1991), hail (Reynolds 1980), and tornadoes (Fujita 1989).  When compared to Storm Predication 
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Center (SPC) storm reports and radar data, the existence of overshooting tops has been found to 
be well correlated with all severe weather hazards (Dworak et al. 2012). 
 By extension of the hypothesis proposed above, namely that tornado size and intensity is 
limited by the size of its parent updraft, this work examines the relationship between overshooting 
top area (OTA) and potential tornado intensity.  Because overshooting tops are generally 
associated with strong updrafts, the area of an updraft should be related to the area of the 
overshooting top.  As such, assuming the relationship between updraft size and tornado intensity 
holds, OTA should also be related to tornado intensity.  Analyses presented in Chapter 4 will 
address this relationship. 
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CHAPTER 2: METHODOLOGY 
 
Idealized Simulations 
Idealized simulations are performed using Cloud Model 1 (CM1; Bryan and Fritsch 2002), a cloud-
resolving numerical model.  Table 2.1 provides some of the salient details of the model 
configuration; the complete configuration can be found within the CM1 namelist, which is 
included as Appendix A.  The horizontal and vertical grid spacing used here is 500 m, with a 
domain height of 20 km and a horizontal domain size that was ~180x180 km, depending on the 
experiment (more on this later).  While a stretched vertical grid spacing would give higher 
resolution in the low levels of the domain, it would reduce the accuracy of the analysis of the 
overshooting tops in these simulations, so a consistent grid spacing is preferred here.  Above a 
height of 14 km, a Rayleigh damping sponge layer is imposed, which ensures that the vertical 
velocity, w, is zero at the top of the domain.  An open, wave-radiating lateral boundary condition 
is used, such that inflow from the edges of the domain transports air characterized by the mean 
state, and outflow from the domain is handled such that gravity waves are allowed to propagate 
out of the domain, where they are damped and do not reflect back into the domain (Klemp and 
Wilhelmson 1978). 
The model domain is characterized by horizontally homogeneous initial conditions. The 
initial thermodynamic conditions within these experiments are given by the “Weisman” sounding 
(Figure 2.1; Weisman and Klemp 1982). This profile has been modified such that the lapse rate 
within the boundary layer is adiabatic with constant mixing ratio.  This allows for easier control 
of the environment’s instability, as represented by CAPE, and limits convective inhibition (CIN) 
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that may be introduced when changing the depth of the boundary layer.  The wind profile is 
characterized by a quarter-circle hodograph (Figure 2.2), such that a quarter circle is swept out by 
the wind vectors in the lowest 2 km of the model with a linear increase in wind velocity from 2-6 
km.  Winds above 6 km are held constant.  Hereafter, these wind profiles will be described by the 
2-km wind.   
These thermodynamic and wind profiles combined represent an environment well known 
to support tornadic supercellular convection.  Within this study, the thermodynamic and wind 
profiles are varied to test their respective effects on the structure of these supercellular updrafts.  
The “base case” (hereafter BC) for these experiments is characterized by the following initial 
environmental conditions: a hodograph radius of 8 m s-1 and level of free convection (LFC; 
equivalent to the lifting condensation level (LCL) in this case) of 1000 m. 
 The focus on supercellular convection is motivated by the fact that this is a convective 
mode that is relatively isolated and long-lived, allowing for a more simple assessment of the effects 
of environmental variations on storm structure without the influence and feedbacks from other 
convective cells over a much longer period.  Supercells also represent an “extreme” regime of 
convection with strong updraft forcings.  Because of this, these forcings can be more easily 
evaluated for their respective roles in any changes in updraft structure. 
The horizontal extent of the domain varies between experiments and is determined by the 
movement of the primary storm of interest in each simulation, such that it is kept within the model 
domain and has little interaction with the lateral boundaries.  The total simulation time also varies 
between experiments and is influenced by three factors – the storm mode, storm maturity, and a 
realistic time scale.  As stated above, the interest of these simulations is a supercellular storm 
mode, so any change from this mode ceases evaluation of an individual experiment.  The specific 
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interest of this study are the controls on updraft area.  The updraft area is analyzed throughout the 
simulation, and it is assumed that, if the updraft area of a particular storm ceases to grow over a 
prolonged period, the storm has reached maturity, and analysis of the simulation is ended.  The 
last consideration is that the experiments, while idealized, represent some potentially realistic 
convective scenario.  A model integration time that represents a realistic storm duration must be 
used, so that the simulation has some analogue in the real atmosphere and relevance to a real 
convective event.  A hard integration time limit of 4 h is given for all simulations. 
 
Experiments – CI Mechanisms 
To evaluate the impacts of the scale and intensity of convection initiation (CI) mechanisms on 
resultant storm updraft area, the initial forcing type and strength for generating convection is 
varied, and two methods for CI in the model are employed here.  The first is the so-called “warm 
bubble” (Fig. 2.3) where a positive perturbation in the model potential temperature (𝜃𝜃′) is 
introduced at time t = 0, and induces a vertical acceleration that ultimately results as free 
convection.  The center of this bubble is located at 1.5 km above the ground in the model and has 
a radius of 1.4 km.  For BC, 𝜃𝜃′ is set to 1 K and the horizontal radius of the bubble set to 10 km.  
The second method for CI uses a “cold dome” (Fig. 2.4), where some negative 𝜃𝜃′ is imposed within 
a hemispheric region of potential temperature deficit that is maximized near the surface.  The cold 
dome spreads out along the surface after model initialization, bringing air to its LFC in locations 
where there is enhanced near-surface convergence between the outward radial flow of the cold 
dome and the environmental winds.  Here, the areal extent and/or potential temperature 
perturbation of these CI mechanisms is varied.  The horizontal radius of the initiating warm bubble 
is varied from 5 to 20 km by an interval of 2.5 km.   
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To determine which cold dome characteristics to vary to increase the associated near-
surface convergence, the equation for density current motion is used, 
𝑣𝑣𝑑𝑑𝑑𝑑 = �𝑘𝑘𝑘𝑘𝑘𝑘 �Δ𝑇𝑇𝑇𝑇𝑑𝑑 ��
1
2         (2.1) 
where k is some constant (usually equal to 2), g is the gravity constant, d is the density current 
depth, Δ𝑇𝑇 is the temperature deficit of the density current, and 𝑇𝑇𝑑𝑑 is the temperature of the density 
current.  Holding the environmental temperature constant, the two variables that result in 
differences in the speed of the cold dome (and thus the magnitude and areal extent of low-level 
convergence due to the cold dome) are the depth and temperature deficit (here 𝜃𝜃′).  As such, the 
depth of the initiating cold pool is varied from 2 to 5 km by an interval of 1 km, and the 𝜃𝜃′ of the 
initiating cold dome is also varied from 2.5 to 10 K by an interval of 2.5 K. 
 
Experiments – CAPE  
The influence of CAPE, as found by Kirkpatrick et al. (2009) to impact updraft area, is explored 
for potential use in evaluating our hypotheses.  CAPE is changed across experiments by varying 
the height of the LCL (LFC).  Keeping the temperature profile constant between cases, the surface 
mixing ratio is varied across experiments.  The LCL height is varied from 750-1250 m across these 
experiments (Fig. 2.5), resulting in CAPE values ranging from approximately 1000-2000 J kg-1.  
It is acknowledged that the range of CAPE values does not span the extremes of CAPE found to 
be climatologically associated with tornadic supercells (Thompson et al. 2010).  This is a limitation 
of using boundary layer depth as a means to change CAPE.  The range of LCL heights is limited 
to those that are associated with tornadic supercells: (Rasmussen and Blanchard 1998). 
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Experiments – Vertical Wind Shear 
Following the work of Kirkpatrick et al. (2009), the vertical wind shear of the experiments is also 
varied.  As stated above, the wind profile used is one characterized by a quarter-circle hodograph.  
For increases in the radius of the hodograph, the winds above 2 km are also scaled up, such that 
the overall shape of the hodograph is maintained throughout the experiments.  The hodograph radii 
used span from 6 to 10 m s-1 (Fig. 2.6), with associated 0-6 km bulk shear values from 42 to 71 kts 
and 0-3 km storm relative helicity (SRH) values from 90-250 m2 s-2.  These bulk shear and SRH 
values are typical of those associated with tornadic supercells (Thompson 2010); however, it is 
acknowledged that the SRH in these experiments do not span the extremes of tornadic supercell 
environments but represent mid-range SRH values. 
 
Object Identification and Quantification 
The hypotheses presented in Chapter 1 require a quantitative means of testing and evaluation.  
Here, an example case of using vertical velocity (𝑤𝑤) to evaluate updraft area is presented to 
describe this process.  Updrafts are quantified at z = 6.25 km because this level typifies the height 
of maximum vertical velocity across the sample of storms. A threshold 𝑤𝑤 of 20 m s-1 is used to 
identify locations of particularly vigorous convection, defined to be an “updraft core.”  This value 
is somewhat arbitrary but known to be within observed values of 𝑤𝑤 in observed and simulated 
supercells (Brandes 1978, Nowotarski et al. 2011).  The domain is searched for gridpoints where 
this threshold is exceeded. If a gridpoint exceeding this threshold is found, its neighbors are 
evaluated to find those that also exceed this threshold.  All neighbors are recursively searched to 
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find all contiguous gridpoints with 𝑤𝑤 exceeding this value.  The result is a domain with multiple 
contiguous objects identified (Fig. 2.7). 
 This basic approach is also used to quantify updrafts, downdrafts, and low- and mid-level 
mesocyclones, with associated thresholds and levels of identification shown in Table 2.2. 
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Figures 
 
 
 
 
 
 
 
 
 
 
 
 
 
Figure 2.1: Modified “Weisman” sounding used in BC. 
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Figure 2.2: Example quarter-circle hodograph. 
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Figure 2.3: Example initiating warm bubble 𝜽𝜽′ near warm bubble center at 1.4 km above 
model surface. 
 
 
 
 
 
 
 
 
Figure 2.4: Example initiating cold pool 𝜽𝜽′ at model surface. 
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Figure 2.5: Thermodynamic profile with changes in LFC height for CAPE experiments. 
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Figure 2.6: Three hodographs representing the range of the vertical wind shear 
experiments, denoted by their associated hodograph radii. 
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Figure 2.7: Example simulated reflectivity and 20 m s-1 updraft contour (top) and updraft 
identification (bottom) for 10 m s-1 hodograph radius experiment. 
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Tables 
 
Grid Spacing 0.5x0.5x0.5 km 
Vertical levels 40 
Microphysics Scheme Morrison double-
moment 
Surface Friction Free-slip 
Lateral Boundary 
Conditions 
Open, wave radiating 
 
Table 2.1: Some details of the CM1 configuration (see also Appendix A). 
 
 
Object Height Threshold 
Mid-level Updraft 6.25 km w = 20 m s-1 
Mid-level Mesocyclone 6.25 km ζ = 0.01 s-1 
Downdraft 3.25 km w = -8 m s-1 
Low-level Mesocyclone 1.25 km ζ = 0.01 s-1 
Low-level Vertical 
Vorticity 
250 m N/A 
Forcings (Buoyancy, 
linear dynamic, nonlinear 
dynamic) 
4.25 km  a = 0.01 m s-2 
 
Table 2.2: Object identification thresholds and heights where identified. 
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CHAPTER 3: RESULTS – UPDRAFT-COLD POOL RELATIONSHIP 
 
In this chapter, numerical modeling experiments are used to evaluate the extent to which the 
characteristics of an updraft, downdraft, and cold pool are inter-related within a single convective 
storm. The working hypothesis, as developed in Chapter 1, is that a wider updraft should lead to a 
wider downdraft, which in turn should lead to a deeper, stronger cold pool. To address this 
hypothesis, three controls on updraft width are varied:  CI mechanism area/strength, LCL height, 
and vertical wind shear. 
 
CI Mechanisms 
Initial experiments are motivated by past findings that CI mechanism strength and size impacts the 
size of resulting updrafts (Balaji and Clark 1988).  Looking first at the horizontal radius of the 
initiating warm bubble, the effects of bubble radius variations on the peak updraft area across the 
experiments is minimal (Fig. 3.1), with a change in peak updraft area of only 1 km2.  Initial updrafts 
resulting from a larger bubble, however, are wider.  It is noted that the updraft area does not 
increase monotonically with bubble radius, and that the experiment with the maximum (minimum) 
updraft area is not associated with larger (smaller) bubble radius. 
 The cold pool depth exerts more overall control over updraft area than does the warm 
bubble radius (Fig. 3.2).  Again, however, note that the maximum updraft area generally does not 
result from the deepest cold pool.  In fact, the maximum updraft area is more often associated with 
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shallower initiating cold pools.  To determine the sensitivity of this general result to the vertical 
wind shear and thus to increased convergence due to the stronger environmental winds, the cold 
pool depth experiments are conducted for hodograph radii of 6, 8, and 10 m s-1 (low, mid, and high 
shear, respectively).  As Fig. 3.2 indicates, the resultant updraft area change due to the increased 
vertical wind shear are more substantial than those due to variations in cold pool depth, ranging 
from a minimum change of 25 km2 to a maximum change of 67 km2.  The cold pool 𝜃𝜃′ experiments 
yield similar results, showing more sensitivity to the environmental vertical wind shear than a 
stronger cold pool (Fig. 3.3) as long as a storm is initiated. 
The relative insensitivity of updraft area to this initiating cold pool characteristic as well as 
cold pool depths suggests that increased magnitude of and area of near-surface convergence are 
not necessarily responsible for the increased updraft area.  It is proposed instead that the cause of 
the increase in updraft area across these shear profiles is due to environmental influences rather 
than the stronger or deeper convergence.  As such, for these supercell experiments, it is found that 
these CI mechanisms, namely initiating thermals and cold pools, have little effect on the structure 
of the resulting storm. 
 
LCL 
The simulations in which the LCL (and thus LFC and CAPE) are varied show that the peak updraft 
area of the supercell thunderstorms is negatively correlated to LCL; that is, lower LCLs are 
associated with larger updraft areas (Fig. 3.4).  This is shown across the different hodograph radii. 
These experiments indicate that, for higher vertical wind shear, a relatively lower LCL (and 
corresponding increase in CAPE) appears to be more effective in increasing supercell updraft area.   
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 Because this result conflicts with the arguments made by Williams and Stanfill (2002), let 
us take a moment to address the complexity of assessing the relative impact of different 
thermodynamic characteristics on updraft structure.  Per the findings of Kirkpatrick et al. (2009) 
mentioned earlier, multiple interdependent thermodynamic variables affect updraft area.  
Kirkpatrick et al. (2009) adjusted lapse rates to hold CAPE constant while lowering the LFC.  By 
doing this, they isolated the changes in updraft size owing to changes in CAPE, they also noted 
that lapse rates affect updraft size as well, so this essentially trades one variable for another.  As 
such, in the work presented here, the lapse rates are not adjusted to compensate for these changes 
in CAPE.  It is noted that these two changes have opposing effects, and as such, caution must be 
taken in conclusions from quantifying these results.   
 
Vertical Wind Shear 
Based on the results presented above, it is found that increased vertical wind shear appears to relate 
to larger updraft area.  Examining this more closely in these experiments, a strong, positive 
correlation is found between the magnitude of vertical wind shear (and SRH) and mid-level updraft 
area (Fig. 3.5).  Using a simple linear regression, the relationship is found to be close to linear, 
such that the R2 value is 0.982 (and p=2.28×10-7). The strong relationship between hodograph 
radius and updraft area show that this set of experiments will serve well to test the hypotheses 
presented, and as such, they will be the focus of further analysis. 
 
Updraft-Downdraft-Cold Pool Relationship 
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Recall the argument that updraft area should represent the area over which precipitation forms, 
and thus, should relate well to the areal extent of the downdraft associated with this precipitation.  
Examining the downdraft area within these experiments varying vertical wind shear, a strong, 
positive correlation is found (Fig. 3.6), showing agreement between the results presented here and 
those found by Lucas et al. (1994).  Performing another linear regression, an R2 value of 0.9009 is 
calculated, indicating again, a roughly linear relationship between peak updraft area and peak 
downdraft area in supercell thunderstorms.  Thus, the argument presented is shown to be valid for 
these cases. 
 Quantification of cold pool depth is difficult due to the limitations of the 500 m vertical 
grid spacing.  Continuing, however, with the qualitative assessment of cold pool areal extent and 
depth across the low (Fig. 3.8) and high shear cases (Fig. 3.9), it is found that larger downdrafts 
and, by extension their larger associated updrafts, result in larger, deeper cold pools with larger 𝜃𝜃′.  
As such, the hypothesis that larger updrafts lead to larger, deeper cold pools, is supported by this 
qualification. 
 
Updraft Forcings 
The vertical momentum equation can be used to understand why vertical wind shear in particular 
appears to be a strong control on updraft.  The vector momentum equation is given by 
𝜕𝜕𝑉𝑉�⃑
𝜕𝜕𝜕𝜕
+  𝑉𝑉�⃑ ∙ 𝛻𝛻𝑉𝑉�⃑ = − 1
?̅?𝜌
𝛻𝛻𝑝𝑝′ + 𝐵𝐵𝑘𝑘�       (3.1) 
where the left side represents the total derivative of the velocity vector, − 1
𝜌𝜌�
𝛻𝛻𝑝𝑝′ is the acceleration 
due to the pressure gradient force associated with pressure perturbations (𝑝𝑝′), and 𝐵𝐵𝑘𝑘� is the 
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buoyancy in the vertical.  Solving Eq. 3.1 for the pressure gradient, taking ∇ of the result, and then 
using the time derivative, 𝜕𝜕 𝜕𝜕𝜕𝜕⁄ , of the anelastic continuity equation, 
∇ ∙ ?̅?𝜌𝑉𝑉�⃑ = 0        (3.2), 
to eliminate the time dependency yields 
∇2𝑝𝑝′ = 𝜕𝜕(?̅?𝜌𝐵𝐵)
𝜕𝜕𝜕𝜕
− ∇ ∙ �?̅?𝜌𝑉𝑉�⃑ ∙ ∇𝑉𝑉�⃑ �      (3.3) 
 where, 𝜕𝜕(𝜌𝜌�𝐵𝐵)
𝜕𝜕𝜕𝜕
 is the buoyancy pressure forcing and −∇ ∙ �?̅?𝜌𝑉𝑉�⃑ ∙ ∇𝑉𝑉�⃑ � is the dynamic pressure forcing. 
Following Rotunno and Klemp (1985), 𝑝𝑝′ can be split into components such that  
𝑝𝑝′ =  𝑝𝑝′𝐵𝐵 +  𝑝𝑝′𝐷𝐷      (3.4) 
where  𝑝𝑝′𝐵𝐵 and 𝑝𝑝′𝐷𝐷 are pressure perturbations owing to buoyancy and dynamic effects, 
respectively.  So, Eq. 3.3 can be separated as follows: 
∇2𝑝𝑝′𝐵𝐵 =  𝜕𝜕(?̅?𝜌𝐵𝐵)𝜕𝜕𝜕𝜕        (3.5) 
∇2𝑝𝑝′𝐷𝐷 =  −∇ ∙ �?̅?𝜌𝑉𝑉�⃑ ∙ ∇𝑉𝑉�⃑ �       (3.6). 
It is noted that the dynamics pressure can be further decomposed into two dynamic pressure 
effects: linear (𝑝𝑝′𝐿𝐿𝐷𝐷) and nonlinear (𝑝𝑝′𝑁𝑁𝐷𝐷) components, such that 
𝑝𝑝′𝐷𝐷 = 𝑝𝑝′𝐿𝐿𝐷𝐷 +  𝑝𝑝′𝑁𝑁𝐷𝐷      (3.7). 
A linearization of Eq. 3.6 about a vertically varying base state, followed by the use of the 
approximation that the Laplacian of some value is approximately equal to the negative of that 
value, yields 
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𝑝𝑝′𝐿𝐿𝐷𝐷 ~ 𝑆𝑆 ∙ 𝛻𝛻𝑤𝑤′         (3.8) 
where S is the shear vector of the base state. Along similar lines, the nonlinear dynamics pressure 
can be written as: 
𝑝𝑝′𝑁𝑁𝐷𝐷 = ?̅?𝜌 ��𝜕𝜕𝜕𝜕𝜕𝜕𝜕𝜕�2 + �𝜕𝜕𝜕𝜕𝜕𝜕𝜕𝜕�2 + �𝜕𝜕𝜕𝜕𝜕𝜕𝜕𝜕�2 − 𝑑𝑑2𝑙𝑙𝑙𝑙𝜌𝜌�𝑑𝑑𝜕𝜕2 𝑤𝑤2� − 2?̅?𝜌 �𝜕𝜕𝜕𝜕𝜕𝜕𝜕𝜕 𝜕𝜕𝜕𝜕𝜕𝜕𝜕𝜕 + 𝜕𝜕𝜕𝜕𝜕𝜕𝜕𝜕 𝜕𝜕𝜕𝜕𝜕𝜕𝜕𝜕 + 𝜕𝜕𝜕𝜕𝜕𝜕𝜕𝜕 𝜕𝜕𝜕𝜕𝜕𝜕𝜕𝜕�      (3.9). 
Equation 3.8 shows that the linear pressure effects depend on the orientation of the shear vector 
relative to some updraft (Fig. 3.10), where an upward directed pressure gradient force can develop 
on the right flank of the updraft in the case of a semi-circle hodograph.  Given an assumption of 
solid body rotation in a 2D horizontal plane, the nonlinear pressure effects can be shown to depend 
only on the magnitude of the vertical vorticity, i.e., 
𝑝𝑝′𝑁𝑁𝐷𝐷 ~ − 𝜁𝜁2          (3.10). 
where 𝜁𝜁 is the vertical component of vorticity.  If an updraft is imposed on an area with ambient 
horizontal vorticity, this vorticity is tilted into the vertical.  This vorticity leads to low pressure 
aloft and an upward directed pressure gradient force on the right and left flanks of the updraft.  
This process is shown in Fig. 3.11. 
Using code developed by George Bryan, the total dynamic pressure forcing, linear dynamic 
pressure forcing, and buoyancy pressure forcing are calculated from an inversion of Eq. 3.6 and  
using a fast Fourier transform algorithm.  The nonlinear dynamic pressure forcing is then 
calculated as a residual of the total and linear dynamic forcings. 
Here, the low and high shear experiments are analyzed.  The focus of this study is updraft 
area, so we look specifically at the areal extent of each forcing.  For each forcing, a threshold of 
10-2 m s-2 is used, which represents a relatively high value for each forcing evaluated, and each 
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forcing is evaluated at 4.25 km, found to be a representative level for each forcing.  A high-end 
threshold is chosen because the updraft quantifications performed focused on the updraft core of 
a particular storm, so strong accelerations should be most closely related to the strongest portion 
of the updraft. 
 Time series for the low and high shear cases (Fig. 3.12) indicate that the nonlinear dynamic 
pressure forcing and the buoyancy forcing have a much greater maximum areal extent than the 
linear forcing.  However, it is noted that, initially, the area of the linear forcing is greater than the 
other forcings.  Examining the two cases in the same time series (excluding the linear forcing due 
to its relatively small area later in the simulation; Fig. 3.11), the maximum area of the buoyancy 
forcing does not substantially increase from low to high shear.  The area of the nonlinear forcing, 
however, does.  Overall, the linear dynamic pressure effects appear to result in the initial increase 
in updraft area, while the nonlinear dynamic pressure effects appear to be responsible for increases 
later in the simulations. 
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Figures 
 
 
 
 
 
 
 
 
Figure 3.1: The initiating warm bubble horizontal radius versus peak updraft area. 
 
 
 
 
 
 
 
 
 
 
Figure 3.2: The initiating cold dome (pool) vertical radius versus peak updraft area. 
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Figure 3.3: The cold dome (pool) potential temperature perturbation versus peak updraft 
area. 
 
 
 
 
 
 
 
 
 
 
 
Figure 3.4: The initiating cold dome (pool) potential temperature perturbation versus peak updraft 
area. 
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Figure 3.5: Comparison of LCL height and peak updraft area 
 
 
 
 
 
 
 
Figure 3.6: Environmental wind hodograph radius versus peak updraft area. 
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Figure 3.7: Peak updraft versus downdraft area for the hodograph radius experiments. 
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Figure 3.8: Low shear case - horizontal cross section of surface 𝜽𝜽′ (top) and vertical cross 
section of 𝜽𝜽′ (bottom) along black line.  The red contour indicates locations where mid-level 
vertical velocity (𝒘𝒘) exceeds 20 m s-1. The dashed black contour indicates where 𝜽𝜽′ = −𝟏𝟏 𝑲𝑲. 
 
 
 
𝜽𝜽′ (K) 
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Figure 3.9: High shear case - horizontal cross section of surface 𝜽𝜽′ (top) and vertical cross 
section of 𝜽𝜽′ (bottom) along black line.  The red contour indicates locations where mid-level 
vertical velocity (𝒘𝒘) exceeds 20 m s-1. The dashed black contour indicates where 𝜽𝜽′ = −𝟏𝟏 𝑲𝑲. 
 
 
 
 
𝜽𝜽′ (K) 
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Figure 3.10: Depiction of the linear dynamic pressure forcing (Trapp 2013). 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
Figure 3.11: Depiction of the nonlinear dynamic pressure forcing (Trapp 2013). 
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Figure 3.12: Time series of updraft area and updraft forcing area for the low shear (top) 
high shear (middle) cases, as well as a forcing comparison for each case (bottom).  
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CHAPTER 4: RESULTS - UPDRAFT-TORNADO INTENSITY RELATIONSHIP 
 
In this chapter, numerical modeling experiments are used to evaluate the hypothesized relationship 
between updraft width, or updraft width (area), and tornado intensity.  To do this, quantifications 
of mesocyclone area and low-level vertical vorticity are made, and downdraft quantifications from 
Chapter 3 are used to explain the physical processes that underlie this relation.  Additional 
quantifications of storm-top temperature are included to provide a possible means of anticipating 
tornado intensity using overshooting top area.   
 
Updraft – Low-level Vertical Vorticity Relationship 
The updraft regulation of potential tornado intensity in supercell storms is now considered.  To 
preface the following results, a linear regression is performed on relevant pairs of storm 
quantifications, following an assumed linear relationship between mesocyclone size and tornado 
intensity.   
The basis of the argument for such regulation is the expectation that the size of a mid-level 
mesocyclone should necessarily be limited by the size of the updraft.  This can be shown 
theoretically by linearizing the vertical vorticity equation for the case of unidirectional westerly 
shear: 
𝜕𝜕𝜁𝜁
𝜕𝜕𝜕𝜕
= 𝜕𝜕𝑈𝑈�
𝜕𝜕𝜕𝜕
𝜕𝜕𝑤𝑤
𝜕𝜕𝜕𝜕
         (4.1) 
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where 𝑈𝑈� is some mean zonal wind field, w is the vertical velocity, and 𝜁𝜁 is the vertical vorticity. 
Suppose the vertical velocity of some is updraft given by 
𝑤𝑤 = �𝑊𝑊𝑊𝑊𝑊𝑊𝑠𝑠2 �𝜋𝜋2 𝑟𝑟� , 𝑟𝑟 < 10, 𝑟𝑟 ≥ 1        (4.2) 
where 
𝑟𝑟 =  �(𝑥𝑥 − 𝑥𝑥0)2
𝑅𝑅2
+ (𝜕𝜕 − 𝜕𝜕0)2
𝑅𝑅2
            (4.3). 
Using a baseline case where R = 10 km, x0 = y0  = 50 km,   W = 20 m s-1, and  𝜕𝜕𝑈𝑈
�
𝜕𝜕𝜕𝜕
 = 20 m s-1 km-1 
and varying each of these individually, evaluation of Eq. 4.1 over some domain shows that only 
variations in the radius of the updraft, R, produce changes in the area over which vertical vorticity 
is generated (here, a 2D mesocyclone; Fig. 4.1), whereas variations in W and 𝜕𝜕𝑈𝑈
�
𝜕𝜕𝜕𝜕
 result in changes 
in the magnitude of vertical vorticity.  Thus, it can be said that width of the mid-level mesocyclone 
is dependent upon and indeed constrained by the width of the mid-level updraft. 
Quantifications of peak updraft area and peak mid-level mesocyclone area in the simulated 
supercells presented in Chapter 3 bear out this updraft constraint, with a coefficient of 
determination, R2=0.8979, and thus a Pearson correlation coefficient, r=0.9476 (Fig.4.2).  Here, 
the p-value is determined using a Student t-test and is found to be 1.03×10-4.   
In Chapter 3, it was shown that the peak updraft area is well correlated with peak downdraft 
area in these supercell simulations.  Because a wider downdraft should be less susceptible to 
entrainment, the expectation is that a relatively wide downdraft is also a relatively cold downdraft.  
In the simulations, peak downdraft area and peak downdraft potential temperature correlate well 
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(Fig. 4.3) with an R2 value of 0.7802 (p=1.59×10-3).  The implication is that the magnitude of 
baroclinity within the downdraft is effectively maintained, or even enhanced, in larger downdrafts 
relative to narrower downdrafts. This has further implication on the generation of a low-level 
mesocyclone, as explored next. 
 Assuming that the low-level mesocyclone owes its existence to tilting of horizontal 
vorticity within the velocity gradient of the downdraft (e.g., Davies-Jones and Brooks 1993), then 
by the arguments summarized in the analysis of Eq. 4.1, the size of the low-level mesocyclone 
should be limited by the size of the downdraft, and indeed, peak low-level mesocyclone area 
correlates positively with the peak downdraft area, with an R2 value of 0.655 (p=8.22×10-3; Fig. 
4.4).  
Finally, per the circulation-conservation argument introduced in Chapter 1, the expectation 
is that the contraction of a relatively wider low-level mesocyclone should result in relatively 
stronger low-level vorticity.  Here, this is quantified simply as the peak vertical vorticity at the 
lowest model level (z = 0.25 km).  It is found that peak low-level mesocyclone area is indeed 
positively correlated to low-level vertical vorticity with R2 = 0.7176 (p=3.95×10-3; Fig. 4.5).  All 
of the logical steps in the updraft regulation argument can now be combined into a final 
relationship between peak updraft area and peak low-level vertical vorticity, which have an R2 
value of 0.8565 per Fig. 4.6. 
 
Overshooting Top Area 
Quantifying the area of the updraft core with a high threshold 𝑤𝑤 provides the ability for direct 
comparison to the area of the convective overshoot.  Because overshooting tops are generally 
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associated with strong updrafts, the size of the strongest core of the updraft should be directly 
related to the size of an overshoot at storm top.  By extension of the updraft regulation argument 
just developed, the size of an overshooting top should relate to the potential intensity of the tornado 
(or peak low-level vertical vorticity as used here). 
 For the work in this chapter, the actual cloud top temperature of the simulated supercell 
thunderstorm is used instead of an equivalent satellite brightness temperature. The storm top is 
determined as follows: beginning at the top of the model domain, each column of grid points is 
searched for the highest instance of cloud.  Here, a “cloud” is said to exist at each grid point with 
a total water content, 𝑞𝑞𝑡𝑡𝑡𝑡𝑡𝑡, exceeding a threshold of 0.1 g kg-1, where 
𝑞𝑞𝑡𝑡𝑡𝑡𝑡𝑡 = 𝑞𝑞𝑑𝑑 + 𝑞𝑞𝑟𝑟 + 𝑞𝑞𝑖𝑖 + 𝑞𝑞𝑠𝑠 + 𝑞𝑞𝑔𝑔     (4.4) 
where qc, qr, qi, qs, and qh  are the cloud, rain, ice, snow, and hail water mixing ratios, respectively.  
The highest height where a “cloudy” grid point first encountered is deemed the cloud top at that 
grid column, and the potential temperature at that height and grid column is deemed the cloud-top 
temperature.  Upon a search of all grid columns, a 2D array is assembled of potential temperatures 
from all the cloud top temperatures. From these potential temperatures, the temperature is 
calculated,  
𝑇𝑇 = 𝜃𝜃 ∗ �𝑃𝑃
𝑃𝑃0
�
𝑅𝑅𝑑𝑑
𝑑𝑑𝑝𝑝      (4.5) 
where 𝜃𝜃 is the potential temperature at the gridpoint, P is the pressure, 𝑃𝑃0 is a reference pressure 
of 1000 mb, 𝑅𝑅𝑑𝑑 is the dry air gas constant, and 𝑊𝑊𝑃𝑃 is the isobaric specific heat of water.  An example 
of this 2-D array of cloud top temperatures for the high-end shear case is shown in Fig. 5. 
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 The same “object”-identification method used to quantify updraft, downdraft, and 
mesocyclone area is used to quantify the OTA.  Here, a threshold cloud top temperature of 210 K 
is used, which represents a temperature of 5 K less than that of the equilibrium level (EL).  
Quantifying OTA using this methodology reveals the influence of cloud top gravity waves, which 
are inadvertently included in the overshooting top identification.  These are not part of the 
convective overshoot itself, but are generated in response to it and then propagate outward.  Instead 
of spatially filtering these waves, their contribution to the OTA in time is filtered using a 5-point 
moving average (5PMA), as applied to the OTA time series.  It is noted that for future work, an 
altered or different methodology should be use to minimize the error due to these gravity waves, 
as using a 5PMA does not negate their effect on the data entirely.  Nonetheless, after applying this 
method, a significant positive correlation is found between the updraft area and OTA (R2 = 0.8724; 
Fig. 4.7).  As such, this validates the hypothesis that the size of an updraft should correspond to 
the size of the overshoot.  By extension, this OTA should necessarily correlate well with low-level 
vertical vorticity, and indeed, this is the case (R2=0.7081; Fig. 4.8).   
The usefulness of this method using OTA for identification of storms with the highest 
potential to produce strong-to-violent tornadoes necessitates an increase in OTA to precede the 
development of strong low-level rotation.  The correlations shown thus far are between peaks of 
these values, so it is necessary to look at the variations of these with time to evaluate whether OTA 
could be potentially used to indicate storms that might produce strong tornadoes.  Time series of 
OTA and vertical vorticity across the high- and low-end vertical wind shear simulations (Fig. 4.9) 
show that the OTA increases substantially prior to (~15-40 min) significant increases in low-level 
vertical vorticity.  While this is a qualitative evaluation of these quantities, it is encouraging for 
additional work with this methodology in real-world applications. 
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Fig. 4.1: Plots of  𝝏𝝏𝝏𝝏
𝝏𝝏𝝏𝝏
 for simple model showing differences in mesocyclone size for 
updraft radii, R, of 5 and 20 km. 
 
 
 
 
𝜕𝜕𝜁𝜁
𝜕𝜕𝜕𝜕
 (𝑠𝑠−2) 
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Fig. 4.2: Comparison of peak updraft area and peak mid-level (6 km) mesocyclone 
area for supercell simulations. 
 
 
 
 
 
 
 
 
 
 
 
 
 
Fig. 4.3: Comparison of peak downdraft area (at 3.25 km) and peak downdraft (at 
3.25 km) potential temperature for supercell simulations. 
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Fig. 4.4: Comparison of peak downdraft (at 3.25 km) area and peak low-level (1.25 
km) mesocyclone area for supercell simulations. 
 
 
 
 
 
 
 
 
 
 
 
Fig. 4.5: Comparison of peak downdraft area and peak low-level (1.25 km) 
mesocyclone area 
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Fig. 4.6: Simulated reflectivity (a) and cloud top temperature (b) of supercell at a 
representative output time. The black contour outlines 20 m s-1 vertical velocity at 6.25 km. 
K 
dBZ 
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Fig. 4.7: Comparison of peak updraft area and peak overshooting top area using a 5-point 
moving average. 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
Fig. 4.8: Comparison of peak updraft area and peak low-level (250 m) vertical vorticity for 
supercell simulations. 
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Fig. 4.9: Time series of OTA versus low-level (250 m) vertical vorticity for the “high shear” 
(top) and “low shear” (bottom) cases. 
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CHAPTER 5: CONCLUSIONS 
The objective of this research was to explore the relationships between updraft area and cold pool 
characteristics, as well as the regulation of tornado intensity by updraft area.  Simulations of 
supercells were performed using the cloud model CM1 to address these objectives.  Experiments 
were first conducted with two different mechanisms of convection initiation (CI), namely a warm 
bubble and cold dome, with the hypothesis that the horizontal scale of the convective updraft 
should relate to the horizontal scale and intensity of the CI mechanism.  Simulations with stronger 
or larger initial forcing resulted in faster storm growth and maturation, as well as a larger initial 
updraft.  Increases in the horizontal radius of the initiating warm bubble, however, did not 
significantly impact the peak area of the supercell updraft throughout the simulation, nor did 
increases in the depth or temperature deficit of the initiating cold pool.  As such, it was concluded 
that the peak area of the supercell updraft core is relatively insensitive to these characteristics of 
the CI mechanism. 
 Additional experiments were conducted in which characteristics of the environmental 
thermodynamic and wind profile were varied.  Changes in the lifting condensation level (LCL, 
and thus CAPE) did result in differences in mid-level updraft area, such that a deeper boundary 
layer (lower CAPE) resulted in smaller updrafts.  In other words, higher (lower) CAPE resulted in 
a larger (smaller) peak updraft area, as was found by Kirkpatrick et al. (2009), except in reference 
to an overall updraft rather than an updraft core.  It was noted here that there are competing effects 
of these two thermodynamic characteristics.  For example, past studies have shown that a deeper 
boundary layer generally results in a larger updraft (Williams and Stanfill 2002, Kirkpatrick et al. 
2009).  Thus, because of the interdependencies between the characteristics of the thermodynamic 
environment and their associated impacts on updraft size, it is difficult to isolate impacts of any 
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one characteristic.  Further work isolating these characteristics and their effects on storm 
characteristics will be done.   
In basic agreement with past studies (e.g., LeMone 1989; Kirkpatrick et al. 2009), it was 
found that increased vertical wind shear resulted in larger peak updraft areas.  In contrast to past 
studies, however, convective core sizes were examined here.  In addition, the current study 
provided an explanation for this effect in terms of forcing terms in the vertical equation of motion.  
It was found that, initially, the areal extent of the linear dynamic pressure forcing resulted in a 
larger updraft, and overall, increases in updraft area were associated with the linear and nonlinear 
dynamic pressure forcings. 
 The determination of this effect of vertical wind shear on updraft area allowed for 
subsequent tests of the hypothesis that larger updrafts should result in larger downdrafts, and then 
in larger, deeper cold pools. Within the individual simulated supercells, peak updraft area 
correlated well to peak downdraft area. This effectively confirms the results of Lucas et al. (1994), 
which were based on analyses of convective updraft and downdraft cores, though not necessarily 
within the same storm.  A qualitative assessment of the cold pool characteristics supported the 
original hypothesis, i.e.: for a larger updraft, the cold pool was indeed larger and deeper.  
Additional work is needed, however, to quantify these relationships.  Because the vertical grid 
spacing of the simulations shown here is 500 m, the depths of most cold pools were not well-
resolved.  Higher resolution simulations will provide additional vertical levels to quantify cold 
pool depth, allowing more subtle differences to be distinguished across simulations. 
 The relationship between vertical wind shear and updraft size also allowed for tests of the 
hypothesized relationship between updraft size and low-level vertical vorticity, which was used 
here as a proxy for tornado intensity.  Following the logical progression presented, it was found 
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that the mid-level updraft core area, mid-level mesocyclone area, downdraft area, low-level 
mesocyclone area, and low-level vertical vorticity were all positively well correlated with one 
another.  Future higher resolution simulations will be used to determine if the near-surface vertical 
vorticity is of similar magnitude to that of real tornadic circulations. 
 The final hypothesis was that the overshooting top area (OTA) should relate well to mid-
level updraft area.  The supercell simulations confirmed this relationships as well as a relationship 
between OTA and low-level vertical vorticity.  Moreover, a preliminary analysis of the simulations 
showed that increases in OTA preceded the strengthening of low-level vorticity, which indicates 
the potential for OTA to be used in identifying storms with the greatest potential to produce large, 
violent tornadoes.  Future work will employ a larger set of experiments to verify that this 
relationship holds.  Changes to the OTA quantification method will be made, such that it could be 
applied to satellite brightness temperature data.  This methodology will be applied to real cases, 
and its potential operational use will be assessed. 
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APPENDIX A: CM1 NAMELIST 
 
&param0 
 nx           =    2100, 
 ny           =    2100, 
 nz           =     200, 
 nodex        =       6, 
 nodey        =       6, 
 timeformat   =       2, 
 timestats    =       1, 
 terrain_flag = .false., 
 procfiles    = .false., 
 / 
 
&param1 
 dx     =   100.0, 
 dy     =   100.0, 
 dz     =   100.0, 
 dtl    =   3.000, 
 timax  =   14400.0, 
 tapfrq =   300.0, 
 rstfrq =  3600.0, 
 statfrq =   300.0, 
 prclfrq =   60.0, 
 / 
 
&param2 
 adapt_dt  =  0, 
 irst      =  0, 
 rstnum    =  1, 
 iconly    =  0, 
 hadvordrs =  5, 
 vadvordrs =  5, 
 hadvordrv =  5, 
 vadvordrv =  5, 
 pdscheme  =  1, 
 advwenos   =  2, 
 advwenov   =  0, 
 idiff     =  1, 
 mdiff     =  1, 
 difforder =  6, 
 imoist    =  1, 
 iturb     =  1, 
 tconfig   =  1, 
 bcturbs   =  1, 
 dns       =  0, 
 irdamp    =  1, 
 hrdamp    =  0, 
 psolver   =  3, 
 nsound    =  8, 
 ptype     =  5, 
 ihail     =  1, 
 iautoc    =  1, 
 icor      =  0, 
 pertcor   =  1, 
 eqtset    =  2, 
 idiss     =  1, 
 efall     =  0, 
 rterm     =  0, 
 wbc       =  2, 
 ebc       =  2, 
 sbc       =  2, 
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 nbc       =  2, 
 bbc       =  1, 
 tbc       =  1, 
 irbc      =  4, 
 roflux    =  0, 
 isnd      =  7, 
 iwnd      =  2, 
 itern     =  0, 
 iinit     =  1, 
 irandp    =  0, 
 ibalance  =  0, 
 iorigin   =  2, 
 axisymm   =  0, 
 imove     =  1, 
 iptra     =  0, 
 npt       =  1, 
 iprcl     =  0, 
 nparcels  =  36000, 
 / 
 
&param3 
 kdiff2  =   75.0, 
 kdiff6  =   0.480, 
 fcor    = 0.0001, 
 kdiv    = 0.5, 
 alph    = 0.60, 
 rdalpha = 3.3333333333e-3, 
 zd      = 15000.0, 
 xhd     = 10000.0, 
 umove   = 8., 
 vmove   = 0., 
 v_t     =      7.0, 
 l_h     =   1000.0, 
 l_inf   =    100.0, 
 ndcnst  =    250.0, 
 / 
 
&param11 
 radopt  =        0, 
 dtrad   =    300.0, 
 ctrlat  =    36.68, 
 ctrlon  =   -98.35, 
 year    =     2009, 
 month   =        5, 
 day     =       15, 
 hour    =       21, 
 minute  =       38, 
 second  =       00, 
 / 
 
&param12 
 isfcflx    =      0, 
 sfcmodel   =      0, 
 oceanmodel =      0, 
 ipbl       =      0, 
 initsfc    =      1, 
 tsk0       = 299.28, 
 tmn0       = 297.28, 
 xland0     =    2.0, 
 lu0        =     16, 
 season     =      1, 
 cecd       =      3, 
 pertflx    =      0, 
 cnstce     =  0.001, 
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 cnstcd     =  0.001, 
 isftcflx   =      0, 
 iz0tlnd    =      0, 
 oml_hml0   =   50.0, 
 oml_gamma  =   0.14, 
 / 
 
&param4 
 stretch_x =      0, 
 dx_inner  =    1000.0, 
 dx_outer  =    7000.0, 
 nos_x_len =   40000.0, 
 tot_x_len =  120000.0, 
 / 
 
&param5 
 stretch_y =      0, 
 dy_inner  =    1000.0, 
 dy_outer  =    7000.0, 
 nos_y_len =   40000.0, 
 tot_y_len =  120000.0, 
 / 
 
&param6 
 stretch_z =  0, 
 ztop      = 20000.0, 
 str_bot   =     0.0, 
 str_top   =  2000.0, 
 dz_bot    =   125.0, 
 dz_top    =   500.0, 
 / 
 
&param7 
 bc_temp   = 1, 
 ptc_top   = 250.0, 
 ptc_bot   = 300.0, 
 viscosity = 25.0, 
 pr_num    = 0.72, 
 / 
 
&param8 
 var1      =   -60000., 
 var2      =   -60000., 
 var3      =   10000.0, 
 var4      =   1400.0, 
 var5      =   1, 
 var6      =   10, 
 var7      =   35, 
 var8      =   0.014, 
 var9      =   12000., 
 var10     =   0, 
 / 
 
